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千島列島の「浅い」海峡における強混合

1‐day continuous observations in the Urup Strait in August of
2007, at three stations (B, C, and D) on the Pacific side during
spring tide (Figure 1).

2. Data and Methods

[6] Observations were conducted at Stations B, C, and D
on 11–12 (UTC) August 2007 from aboard R/V Professor
Khromov of the Far Eastern Regional Hydrometeorological
Research Institute, Russia, using a conductivity tempera-
ture and depth (CTD) system (SBE 911plus, SeaBird
Electronics) and a vertical microstructure profiler (VMP)
(VMP500, Rockland Scientific International). The CTD
system was deployed down to 10 m above the bottom.
Surface velocity was inferred from the ship drift during
CTD observations. The VMP500 is a free‐fall type instru-
ment with two high‐resolution shear probes (sampled at
512 Hz) and moderate‐resolution but high‐accuracy con-
ductivity (SBE3) and temperature (SBE4) sensors.
[7] From the high‐resolution shear profiles obtained by

VMP, the turbulent dissipation rate " was calculated based
on theory and techniques commonly proposed in the liter-
ature. The procedures and parameters employed in the
present case are the same as those described by Itoh et al.
[2010]. Vertical diffusivity coefficients were calculated by
Ki = G"/N2 [Osborn, 1980], where G is the mixing effi-
ciency and N2 is the buoyancy frequency, defined as N =
(−g/i0∂s!/∂z)1/2. For simplicity, G is assumed to have a
constant value of 0.2.
[8] To measure chlorophyll‐a concentrations, we filtered

the water samples taken by each ascending CTD cast
(except for the first CTD deployment at Station C during
the 3rd transect, Figure 2c) through Whatman GF/F filters,
extracted the residues with dimethylformamide, and mea-

sured fluorescence using a fluorometer (10 AU, Turner
Designs, Inc.).

3. Results

[9] Over the course of 1 day, the cross‐slope velocity
inferred from ship drift changed its direction from Pacific‐
ward (1st transect) to Okhotsk‐ward (3rd and 4th transects)
and Pacific‐ward again (6th transect) (Figures 2 and 3a).
The maximum Okhotsk‐ward (340°, approximately along
the observation transect) and Pacific‐ward (160°) velocities
were estimated to be 2.1 m s−1 and 1.2 m s−1 near the sill top
at Station B, during the elapsed hours of 14.4–14.7 and
24.8–25.2, respectively. During the Okhotsk‐ward phase
(Figures 2c and 2d), isopycnal surfaces typically above 26.8
s! were deep on the Pacific (deeper) side and shallow on the
Okhotsk (shallower) side. In contrast, during the Pacific‐
ward phases observed at the 1st and end of the 6th transects
(Figures 2a and 2f), the isopycnal surfaces of 26.7–26.8 s!
were strongly depressed downward at Station C, with
remarkable density inversions with vertical scales of up to
100 m. In the 2nd transect (Figure 2b), following a change
in current direction, vertical displacements of isopycnal
surfaces were small above 26.6 s!; the 26.7 s! surface was
strongly depressed downward.
[10] The intensity of turbulence, represented by ", also

shows a difference between the phases of the Pacific‐ward
and Okhotsk‐ward flows. " was 10−9 to 10−6 W kg−1 during
the Okhotsk‐ward phase (Figures 2c and 2d), except for the
profile at Station B at the sill top, which slightly exceeded
10−6 W kg−1; in contrast, high dissipation rates were
observed at Station C during the Pacific‐ward phase
(Figures 2a and 2f; " values of 10−6 to 10−5 W kg−1) and
during the transition period from the Pacific‐ward phase to

Figure 1. Geographical characteristics of the study site. (a) Bathymetric chart of the area around the Kuril Island Chain.
(b) Detailed topographic features of the Urup Strait and locations of observation stations in 2006 and 2007. (c) Cross‐
section showing bathymetry from Hokkaido to the Kamchatka Peninsula.
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ウルップ海峡：
ブッソル海峡 (≥1500 m)南西に
位置する浅い (~100 m)海峡
流量は小さいが混合は非常に強い
➡ 水塊形成のホットスポット

the Okhotsk‐ward phase (Figure 2b). The corresponding
vertical diffusivity was 10−1 to 5 × 10−1 m2 s−1, which is
four orders of magnitude higher than that in the open ocean
[e.g., Ledwell et al., 1993]. This strong mixing occurred
mainly in the layer between 26.6 and 26.7 s!. In the three
profiles at Station C during the Pacific‐ward phase (1st, 2nd,
and 6th transects), 26.6–26.7 s! layers were thickened to be
300–600 m: almost the whole water column of approxi-
mately 600 m was occupied by this layer during the 1st
transect (Figure 2a).
[11] Time series of the data obtained at Station C suggest

the diurnal periodicity of the flow (Figure 3a), consistent
with observations near the study site [Katsumata et al.,
2004]. Although " fluctuation was not tightly synchro-
nized to the velocity variation, the observed high dissipation
rates within the mid‐water column corresponded to the
depression of isopycnal surfaces during the down‐sill‐flow
phase (Figures 3b and 3c). Strong vertical mixing corre-
sponding to the high dissipation rates was evidenced by
chlorophyll‐a concentration of the first two and the last
profiles (Figure 3d). In addition to the homogeneity in the
thick 26.6–26.7 s! layers where dissipation rates were high,
chlorophyll‐a concentrations were detected with the value

of 0.16–0.22 mg m−3 at depth of 400–600 m where light
intensity is extremely low.
[12] The above pattern of the strong mixing suggests the

occurrence and breaking of large‐amplitude internal waves,
as observed at Station A in 2006 [Itoh et al., 2010]. In the
present study, the internal Froude number calculated from the
ship drift velocity periodically exceeded 1 near the sill top
(Okhotsk‐ward and Pacific‐ward velocities of 2.1 m s−1 and
1.2 m s−1 yield Froude number values of 2.1 and 1.2 at Station
B, respectively), whereas it did not exceed 1 at Station C
(maximum Okhotsk‐ward and Pacific‐ward velocities of
1.3 m s−1 and 0.94 m s−1 yield Froude number values of
0.90 and 0.42, respectively). Thus, we also presume that the
amplification and breaking of internal waves was related to
supercritical flows around the sill top and their transition to
subcritical flows with hydraulic jumps downstream the sill;
the role of hydraulic processes was also implicated for the
observations in 2006 during neap tide [Itoh et al., 2010].

4. Discussion: Estimation of Diapycnal Volume
Transport

[13] Vertical mixing results in a vertical density flux,
which is compensated by mean diapycnal velocity; that is,

Figure 2. (a–f) Profiles of potential density s! (contour lines) and turbulent energy dissipation rate " (colored bars) for the
six transects obtained during 1‐day observations. The start time of each transect is shown in each panel along with the order
of stations where observations were conducted. White, gray, and black triangles at the top of each panel indicate the posi-
tions of the start of CTD descending casts, CTD ascending casts, and VMP deployments, respectively, and arrows indicate
the cross‐slope velocity at the surface inferred from ship drift.
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nized to the velocity variation, the observed high dissipation
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混合強度は時間変化大きいが、
最強混合はシル風下側、大幅な密
度面降下を伴う（大振幅内部波）

ε ~ 
10‒5 W/kg



Unsteady / arrested lee waves
非定常風下波　/　捕捉風下波

(a) Barotropic velocity (m s–1)

(b) Temperature (°C)

(c) log10 ε (W kg–1)
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(i.e., south), as seen in both current and density fields
(Figures 2c and 3d). In fact, the ratio of the Doppler shift (or
lee wave frequency) to tidal frequency (kU/w) was estimated
to be 11, suggesting that the wave was an unsteady lee wave
[Nakamura et al., 2000], where U, w, and k are barotropic
tidal flow speed, tidal frequency, and horizontal wavenumber
estimated from Figure 2. Also, the intrinsic frequency esti-
mated from the dispersion relation (8! 10−4 rad s−1) roughly
agreed with the lee wave frequency (kU ≈ 7.9! 10−4 rad s−1).
Actually, the observed time evolution had similarities to those
of unsteady lee waves seen in numerical experiments
[Nakamura et al., 2000]. In addition, the inverse Froude
number (Nh/U) and the wave Froude number (U/ND) were
estimated to be 3 and 0.2, respectively, where N is the depth
average of buoyancy frequency, and D is the water depth at
the ridge top, and wave height, h, was used instead of topo-
graphic height because the tidal excursion is finite. The two
estimated numbers suggest that the wave generating force
was strong enough for the wave to break but that the flow was
not hydraulically controlled [e.g., Baines, 1995]. All of these

indicate that the breaking wave was an unsteady lee wave
generated by tides.
[12] Diapycnal mixing associated with the main overturn

at 51°35.0′N (Figure 2) was estimated by two approaches.
One is the Thorpe scale method [e.g., Thorpe, 2005]. The
turbulence dissipation rate was estimated as " ≈ cNs

3LT
2,

where c ∼ 1, Ns is the mean sorted buoyancy frequency, and
LT is the Thorpe scale. The diapycnal diffusivity coefficient,
!r, was then estimated as !r = gɛ/Ns

2, where the conven-
tional value of g is 0.2. This approach yields !r of 1.5 m2

s−1 with calculated values of LT (60 m), Ns (0.0021 rad s−1),
and " (3.1 ! 10−5 W kg−1). The other approach assumed
that the statically unstable region will be vertically mixed,
following past numerical experiments [e.g., Scinocca and
Peltier, 1993]. Equating the resulting density flux to a ver-
tical diffusive flux, !z∂rs/∂z where rs is sorted density, we
obtain a vertical diffusivity coefficient, !z, that almost cor-
responds to !r. Here, the density flux was estimated as the
density transport divided by the time required for mixing,

Figure 3. (a–d) Temporal evolution of potential density
surfaces. The observation times of Figures 3a, 3b, 3c, and
3d are shown by shaded areas numbered i, ii, iii, and iv in
Figure 1e, respectively. Arrows show the direction of bar-
otropic cross‐ridge flow at the ridge top. (e) The measured
bottom topography.

Figure 2. Breaking internal wave seen in the extensive
observations (iv in Figure 1e). (a) Cross‐ridge section of
potential temperature and the XCTD (}) and XBT (+) sites.
White areas represent the bottom or missing data. The
observations took 38 min for this whole section and 14 min
for the main part of the wave (34.75′–35.5′N), during which
the wave may have moved 0.2 km or less. The potential
temperature behaves almost as a passive tracer in this area
below the seasonal thermocline, where the density stratifi-
cation is determined mostly by salinity. It was nevertheless
correlated with density, except for the alternating layers
located 100–300 m deep on the left hand side of the ridge
top, which did not show associated density inversions of
this vertical scale. (b) Vertical profile of potential density
(s") at 51°35′N. (c) Cross‐ridge (northward) baroclinic
currents (the deviation from the vertically averaged flow
over the ridge top) and the horizontal resolution of the
temporally averaged ADCP data (r). Selected isotherms
are superimposed.
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アムチトカ海峡の断面観測
非定常（伝播性）風下波として説明

ルソン海峡の連続観測
捕捉風下波として記述

Nakamura et al. (2010)

Klymak et al. (2012)

ウルップ海峡で観測された
大振幅内部波との関連性は？



目的

 大振幅内部波砕波は千島海峡の主要な乱流励起源か？
 大振幅内部波はどのような構造を持ち、
　　　　　　　　どのように励起されるのか？
大振幅内部波と非定常風下波、捕捉風下波の関係は？

Question

‣ウルップ海峡再観測
‣３次元モデルデータ解析



観測＆モデル
クロモフ号2010年航海 (Kh10)

‣ ウルップ太平洋側１日観測（小潮）
‣ 乱流計＋CTD/LADCP
モデル

‣ 潮流で駆動した３次元モデル 
(Tanaka et al, 2010)

‣ 水平1km, 鉛直20 m
‣ 静水圧平衡
（厳密な意味での風下波は出ない）
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密度・乱流強度の１日変化（観測）
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ところで強混合
（ε ~ 10‒5 W/kg,
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過去2回の大振幅
内部波と同様



密度・乱流強度の１日変化（モデル）
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密度偏差・流速時間 (90m深) の
１日変化（モデル） 
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• 往復流ではなく位相が地
形を時計回りに回転
（地形性捕捉波）
• 風下流の時に密度面深化
• 密度面変位は潮時変化と
ともに海峡外へ伝播

モニター点



潮汐で励起される「風下波」
潮汐下で「風下波」出現条件：固有周波数ω = |kU| >  ωtide 
➡ 非定常風下波の条件 (Nakamura et al. 2000)と同じ
    ただし、ω ≠ |kU| ± ωtide（非定常風下波の周波数）

千島海峡の場合
U ≠ 順圧潮流, but 
地形性捕捉波による流れ
水平波数k ≠ シル幅, but
 相互作用が起こる頂上付近の幅
ω = (h/l)U/m ~ 有効aspect比 × N
➡　捕捉風下波 (Klymak et al. 2010)
モデル結果 7.8 h < 日周期

増幅条件 => 次スライド
シル幅

有効幅

有
効
高

関
係

地形性
捕捉波

U

「風下波」

海面



Hydraulically supercritical ?
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Hibiya (1986)
潮流が内部波位相速度を上回る 
(Fr ≥ 1）時に内部波が増幅

浅い海峡を中心に
最大フルード数 >> 1

等深線を横切る潮流振幅と
非回転第１モード位相速度を比較
C回転 = (C非回転2 + f2 /k2 )1/2

位相速度

潮流振幅

最大フルード数



モデル散逸率分布（鉛直積算）
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シル中腹で大きい

　
　　f = 0実験では混合弱くなるが、
　　分布パターンは同様（田中，私信）

➡　潮流エネルギーが捕捉されないため傾圧
流速が小さく、低次モードが海峡外へ伝播



おわりに: Answers to the Questions

 大振幅内部波砕波は千島海峡の主要な乱流励起源か？

➡ Yes. エネルギー散逸量の大きい浅い海峡で顕著
 大振幅内部波はどのような構造を持ち、
　　　　　　　　どのように励起されるのか？

‣ 急峻なシルの風下側に形成
‣ 順圧潮流 => 地形に捕捉されたsupercritical流 
　　　    => 振幅の増幅 => 砕波

 大振幅内部波と非定常風下波、捕捉風下波との関係？

‣ 現象としては同じ。潮汐周期内の風下波と解される。



水温・塩分・密度
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擾乱の（自由）伝播

 

 

 

 

x [km]

y 
[k

m
]

 

 

(a)

200 250 300 350150

200

250

300

350

Line O

Line P

 

 

00:00 06:00 12:00 18:00 24:00
Time (hour)

 

 

ï�
ï�
ï�
0
1
2
3

r =
0 km

r =
-100 km

r =100 km0

1000

2000

3000

4000

5000

6000

0

40

100

ï���

ï��

0

r [km
]

Normalized
elevation 
anomaly

(b)

(c)

Depth [m]

20

–20

N

S

W

E

 

 

 

 

60

80

ï��

ï��

標準化された海面高度偏差と流速
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‣ 風下側に密度負偏差
（密度面降下）

‣ 伝播性擾乱が派生
‣ 擾乱の空間スケール
～ シル形状
ω = (k2N2/m2 + f2 )1/2

       ~ 2.2 × 10–4 s–1

         （7.8時間）

太平洋側（左）とオホーツク
側（右）の密度・流速断面
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Unsteady / arrested lee waves
非定常風下波　/　捕捉風下波
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(i.e., south), as seen in both current and density fields
(Figures 2c and 3d). In fact, the ratio of the Doppler shift (or
lee wave frequency) to tidal frequency (kU/w) was estimated
to be 11, suggesting that the wave was an unsteady lee wave
[Nakamura et al., 2000], where U, w, and k are barotropic
tidal flow speed, tidal frequency, and horizontal wavenumber
estimated from Figure 2. Also, the intrinsic frequency esti-
mated from the dispersion relation (8! 10−4 rad s−1) roughly
agreed with the lee wave frequency (kU ≈ 7.9! 10−4 rad s−1).
Actually, the observed time evolution had similarities to those
of unsteady lee waves seen in numerical experiments
[Nakamura et al., 2000]. In addition, the inverse Froude
number (Nh/U) and the wave Froude number (U/ND) were
estimated to be 3 and 0.2, respectively, where N is the depth
average of buoyancy frequency, and D is the water depth at
the ridge top, and wave height, h, was used instead of topo-
graphic height because the tidal excursion is finite. The two
estimated numbers suggest that the wave generating force
was strong enough for the wave to break but that the flow was
not hydraulically controlled [e.g., Baines, 1995]. All of these

indicate that the breaking wave was an unsteady lee wave
generated by tides.
[12] Diapycnal mixing associated with the main overturn

at 51°35.0′N (Figure 2) was estimated by two approaches.
One is the Thorpe scale method [e.g., Thorpe, 2005]. The
turbulence dissipation rate was estimated as " ≈ cNs

3LT
2,

where c ∼ 1, Ns is the mean sorted buoyancy frequency, and
LT is the Thorpe scale. The diapycnal diffusivity coefficient,
!r, was then estimated as !r = gɛ/Ns

2, where the conven-
tional value of g is 0.2. This approach yields !r of 1.5 m2

s−1 with calculated values of LT (60 m), Ns (0.0021 rad s−1),
and " (3.1 ! 10−5 W kg−1). The other approach assumed
that the statically unstable region will be vertically mixed,
following past numerical experiments [e.g., Scinocca and
Peltier, 1993]. Equating the resulting density flux to a ver-
tical diffusive flux, !z∂rs/∂z where rs is sorted density, we
obtain a vertical diffusivity coefficient, !z, that almost cor-
responds to !r. Here, the density flux was estimated as the
density transport divided by the time required for mixing,

Figure 3. (a–d) Temporal evolution of potential density
surfaces. The observation times of Figures 3a, 3b, 3c, and
3d are shown by shaded areas numbered i, ii, iii, and iv in
Figure 1e, respectively. Arrows show the direction of bar-
otropic cross‐ridge flow at the ridge top. (e) The measured
bottom topography.

Figure 2. Breaking internal wave seen in the extensive
observations (iv in Figure 1e). (a) Cross‐ridge section of
potential temperature and the XCTD (}) and XBT (+) sites.
White areas represent the bottom or missing data. The
observations took 38 min for this whole section and 14 min
for the main part of the wave (34.75′–35.5′N), during which
the wave may have moved 0.2 km or less. The potential
temperature behaves almost as a passive tracer in this area
below the seasonal thermocline, where the density stratifi-
cation is determined mostly by salinity. It was nevertheless
correlated with density, except for the alternating layers
located 100–300 m deep on the left hand side of the ridge
top, which did not show associated density inversions of
this vertical scale. (b) Vertical profile of potential density
(s") at 51°35′N. (c) Cross‐ridge (northward) baroclinic
currents (the deviation from the vertically averaged flow
over the ridge top) and the horizontal resolution of the
temporally averaged ADCP data (r). Selected isotherms
are superimposed.
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[Nakamura et al., 2000], where U, w, and k are barotropic
tidal flow speed, tidal frequency, and horizontal wavenumber
estimated from Figure 2. Also, the intrinsic frequency esti-
mated from the dispersion relation (8! 10−4 rad s−1) roughly
agreed with the lee wave frequency (kU ≈ 7.9! 10−4 rad s−1).
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of unsteady lee waves seen in numerical experiments
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number (Nh/U) and the wave Froude number (U/ND) were
estimated to be 3 and 0.2, respectively, where N is the depth
average of buoyancy frequency, and D is the water depth at
the ridge top, and wave height, h, was used instead of topo-
graphic height because the tidal excursion is finite. The two
estimated numbers suggest that the wave generating force
was strong enough for the wave to break but that the flow was
not hydraulically controlled [e.g., Baines, 1995]. All of these

indicate that the breaking wave was an unsteady lee wave
generated by tides.
[12] Diapycnal mixing associated with the main overturn

at 51°35.0′N (Figure 2) was estimated by two approaches.
One is the Thorpe scale method [e.g., Thorpe, 2005]. The
turbulence dissipation rate was estimated as " ≈ cNs

3LT
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where c ∼ 1, Ns is the mean sorted buoyancy frequency, and
LT is the Thorpe scale. The diapycnal diffusivity coefficient,
!r, was then estimated as !r = gɛ/Ns

2, where the conven-
tional value of g is 0.2. This approach yields !r of 1.5 m2

s−1 with calculated values of LT (60 m), Ns (0.0021 rad s−1),
and " (3.1 ! 10−5 W kg−1). The other approach assumed
that the statically unstable region will be vertically mixed,
following past numerical experiments [e.g., Scinocca and
Peltier, 1993]. Equating the resulting density flux to a ver-
tical diffusive flux, !z∂rs/∂z where rs is sorted density, we
obtain a vertical diffusivity coefficient, !z, that almost cor-
responds to !r. Here, the density flux was estimated as the
density transport divided by the time required for mixing,

Figure 3. (a–d) Temporal evolution of potential density
surfaces. The observation times of Figures 3a, 3b, 3c, and
3d are shown by shaded areas numbered i, ii, iii, and iv in
Figure 1e, respectively. Arrows show the direction of bar-
otropic cross‐ridge flow at the ridge top. (e) The measured
bottom topography.

Figure 2. Breaking internal wave seen in the extensive
observations (iv in Figure 1e). (a) Cross‐ridge section of
potential temperature and the XCTD (}) and XBT (+) sites.
White areas represent the bottom or missing data. The
observations took 38 min for this whole section and 14 min
for the main part of the wave (34.75′–35.5′N), during which
the wave may have moved 0.2 km or less. The potential
temperature behaves almost as a passive tracer in this area
below the seasonal thermocline, where the density stratifi-
cation is determined mostly by salinity. It was nevertheless
correlated with density, except for the alternating layers
located 100–300 m deep on the left hand side of the ridge
top, which did not show associated density inversions of
this vertical scale. (b) Vertical profile of potential density
(s") at 51°35′N. (c) Cross‐ridge (northward) baroclinic
currents (the deviation from the vertically averaged flow
over the ridge top) and the horizontal resolution of the
temporally averaged ADCP data (r). Selected isotherms
are superimposed.
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アムチトカ海峡の断面観測
（非定常風下波として説明）

ルソン海峡の連続観測
（捕捉風下波として記述）

Nakamura et al. (2010)

Klymak et al. (2012)


